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Mg/Ca and d18O derived from marine biogenic carbonates have been widely used 
as reliable paleoenvironmental proxy for seawater temperature, salinity and water mass 
circulation reconstructions. 
The use of Mg/Ca is based on long residence time in seawater and uniform 
distribution with habitat depth of planktonic foraminifera. Fluid Mg/Ca affects 
mineralogy of CaCO3, thus high seawater Mg/Ca favors precipitation of aragonite instead 
of calcite. 
The records of d18O in carbonates yield strong correlation with seawater 
temperature, salinity and d18O. Distribution of d18O in water is highly heterogeneous 
within longitude, latitude and depth. Therefore a combination of foraminieral d18O and 
Mg/Ca could resolve temperature, d18Owater, and hence salinity, which is linked to 
variability in fresh water balance and glacial ice volume throughout geologic history. 
In this work we study the effects of important seawater/fluid parameters on 
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Both Mg/Ca and 18O/16O ratios have been a great concern of climate and 
environmental sciences since the 1950s (Craig, 1961, Craig and Gordon, 1965, Epstein, 
1953, Epstein and Mayeda, 1953, Urey, 1951, Mucci and Morse, 1983, Stanley and 
Hardie, 1999, Wasilenky et al., 2005, Elderfield et al., 2006, Gaetani and Cohen, 2006, 
Saenger et al., 2014). Due to elemental and isotope exchange reactions and kinetic effects 
fractionation of elements and their isotopes between different compounds can be 
observed. The presence of this phenomenon explains non uniform isotopic composition 
of natural waters and marine organisms’ skeletons that have formed in this water. For 
example, Ca2+ in calcium carbonates is often substituted by other divalent cations (e.g. 
Mg2+ and Sr2+). Mg partition coefficient (KMg) depends on multiple factors that also 
control the process of calcification and polymorph modification (calcite, aragonite, and 
vaterite) (Niedermair et al., 2013). Those factors – temperature, pH, salinity, fluid 
Mg/Ca, growth rate, presence of impurities (ions other than Ca2+ and CO32-) and organic 
matter, partial pressure of carbon dioxide (pCO2), dissolution and saturation state – have 
been thoroughly studied and discussed in many publications from the middle of the 20th 
century until present (Burton and Walter, 1987, Mucci, 1987, Mucci and Morse, 1983,  
Lea et al., 1999, Wasilenky et al., 2005, Kunioka et al., 2006, Sadekov et al., 2010, 
Mavromatis et al., 2013, Niedermair et al., 2013, Gabitov et al., 2014). 
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Analyses of oxygen stable isotopes have different applications, such as 
development of high resolution time-stratigraphic framework for sediment cores, 
description of sea level history, paleotemperature and paleosalinity determination, and 
depicting paleohydrography, water masses, mixing and circulation patterns (Rohling and 
Bigg, 1998). As it was shown in the early work of Craig and Gordon (1965), the variation 
of δ18O in the ocean is driven by evaporation, precipitation, fresh water influx, and ice 
formation. Salinity is affected by the same processes, however the variation of δ18O in the 
ocean is more complicated than salinity due to, for example, additional fractionation in 
the atmosphere. The fact that the same processes closely affect both δ18O and salinity, 
while the two are linearly related (McConnell et al., 2009), allows using seawater salinity 
to estimate δ18O (Fairbanks et al., 1992); however, it allows estimation of S: δ18O 
relationship only at a regional level.  
The variations in Mg/Ca and δ18O are recorded by marine calcareous organisms 
such as foraminifera, corals, sponges, etc. The Mg/Ca ratio and oxygen isotopic 
composition of marine calcareous organisms have been established as good proxy for 
both past climate changes and the modern hydrologic cycle. Temperature, salinity, and 
δ18Osw of paleoocean can be calculated from directly measured δ18O and Mg/Ca in 
carbonate fossils by using experimentally determined Mg partition coefficient (KMg) and 
isotopic fractionation factor (α18O). However this technique is not as straightforward as it 
may seem. For example, prior to using either δ18O or Mg/Ca measured from a certain 
marine calcifier, thorough calibrations must be done in order to account for the 
physiological effects of the particular species. 
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This work addresses important issues regarding effects of fluid δ18O and Mg/Ca 
on coral δ18O and calcite Mg/Ca, which are the most widely used paleoclimate proxy. 
Both laboratory synthesized and natural samples are involved in this study. In the first 
part of this work I show how the oxygen isotopic composition of Pocillipora damicornis 
coral correlates with known oceanographic data and establish an empirical relationship 
between the difference in coral and seawater δ18O and observed hydrographic 
characteristics. In the second part I emphasize on studying KMg within the range of low 
fluid (0.01 – 0.1 mol/mol) Mg/Ca ratios addressing Mg/Ca heterogeneity in planktonic 
foraminifera. These Mg/Ca values are based on a particular example of Mg/Ca in 
planktonic foraminiferal calcite, which is much lower than the value obtained from 
calcite precipitated inorganically (Mucci and Morse, 1983, Elderfield et al., 2006, 
Sadekov et al., 2010, Mavromatis et al., 2013, Gabitov et al., 2014). The obtained 
relationship between KMg and Mg/Cafluid help to improve Mg/Ca temperature calibrations 
using planktonic foraminifera. Due to the variability explained above, we adjusted the 
calcium carbonate growing solution composition so that the Mg/Ca of precipitates would 





GEOCHEMICAL RESPONSE OF POCILLOPORA DAMICORNIS CORAL TO 
CHANGES IN TEMPERATURE, SALINITY, AND OXYGEN ISOTOPIC 
COMPOSITION OF MODERN SEAWATER 
2.1 Scientific background of studies of δ18O in biogenic carbonates 
2.1.1 Oxygen isotopes, δ18O and oxygen isotope fractionation 
Oxygen in nature exists in the form of three stable isotopes – 18O, 17O and 16O 
with their relative abundances of 0.20, 0.04 and 99.76% respectively. The difference 
between the three is in the atomic masses, heavier 18O contains 8 protons and 10 neutrons 
while lighter 17O contains 8 protons and 9 neutrons whereas 16O contains 8 protons and 
only 8 neutrons. Research on oxygen isotopes operates 18O to 16O ratios because of the 
greater abundances and mass difference between 16O and 18O. The absolute abundances 
of such rare isotopes as 18O cannot be determined directly and precisely, quantitative 
results can be obtained by comparing 18O to 16O ratios of a known standard to a sample 
with unknown parameters. This difference in isotopic ratios between a standard and a 
sample is called delta (δ18O). It was first defined by McKinney (1950) as: 
 δ18𝑂 = 𝑅𝑠𝑎𝑚− 𝑅𝑠𝑡𝑑
𝑅𝑠𝑡𝑑
∙ 1000 (2.1) 
where δ is reported in parts per thousand (per mil, ‰), R is a heavy/light isotopes ratio 
(e.g., 18O/16O). Sam refers to a sample; std - to a standard. If a δ18O value turned out to be 
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positive, it indicates enrichment in the heavy 18O isotope in regards to a standard, if the 
value is negative, the depletion is observed in the analyzed sample.  
Fractionation of oxygen isotopes is a very important for paleostudies. It is a 
processes that results from the partitioning of isotopes between substances with different 
isotopic compositions. Fractionation occurs due to isotope exchange reactions (as a result 
of mass difference) and kinetic effects. Atomic mass of an isotope determines the 
fundamental frequency that a molecule composed of this isotope vibrates with. The 
difference in dissociation energies of the molecules that consist from light and heavy 
isotopes results from different vibration frequencies implies that bonds formed by light 
isotopes are weaker than those formed by heavy isotopes. Thereby those molecules that 
are comprised of the light isotopes are more prone to a chemical reaction than those 
comprised of the heavy isotopes. Isotope exchange occurs between water and the 
carbonate species such as CO20, H2CO30, HCO3-, and CO32-. Equilibrium isotope 
fractionation is maintaining when isotopic exchange reaction between those species and 
H2O is completed; the slowest reaction is among HCO3- and CO32. Non-equilibrium 
fractionation between aqueous species and calcium carbonate minerals occurs due to 
kinetic effect when equilibrium exchange reaction is uncompleted. Kinetic effects are 
often associated high crystal growth. Also a physiological control (vital effect) could be 
significant for isotopic fractionation during growth of marine calcifiers.  
2.1.2 Standards for reporting oxygen isotope composition 
The standard currently used in water δ18O analyses is Vienna Standard Mean 
Ocean Water (VSMOW) (Coplen, 2011). First accepted oxygen isotope standard for 
reporting data was prepared by Craig (1961). It consisted of distilled ocean water 
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collected from the equator and 180o longitude. This standard was referred to as SMOW, 
and after the supply had been exhausted an analytically identical to SMOW new standard 
was prepared by Gonfiantini (1978) and since 1993  the convention has been to refer to it 
as VSMOW (Grossman, 2012).  
To report δ18O values of carbonates the Vienna Pee Dee Belemnite (VPDB) 
standard is used (Coplen, 1994). It was first made of a belemnite calcite material from the 
Peedee Formation in North Carolina in the 1950s. After the standard material was 
exhausted, a new standard NBS19 made of TS limestone whose 18O and 13C abundances 
were close to the former PDB standard was accepted (Gonfiantini, 1984). Abundances of 
oxygen isotopes in carbonates are now expressed in the physically not existing VPDB 
standard by adopting a δ18O value of -2.2‰ for NBS19 carbonate relative to PDV 
(Friedman and O’Neil, 1977, Friedman et al., 1982): 
 𝛿18𝑂𝑁𝐵𝑆19/𝑃𝐷𝐵 = −2.2‰  (2.2) 
The VPDB scale can be related to the VSMOW scale by the following equation 
(Coplen et al., 2002): 
 𝛿18𝑂𝑉𝑃𝐷𝐵 = 0.97001𝛿18𝑂𝑉𝑆𝑀𝑂𝑊 − 29.99‰ (2.3) 
2.1.3 Processes Controlling Temperature, Salinity and Oxygen Isotope Ratio 
Variations in Seawater  
Seawater temperature and composition vary within the global hydrological cycle. 
The cycle is, generally, comprised of evaporation, precipitation, atmospheric vapor 
transport, ice separation and melting (Craig and Gordon, 1965, Gonfiantini, 1986, 
Rohling and Cooke, 1999). Waters of different temperature, salinity, density and 
chemical composition mix together due to various current systems, upwelling, diffusion 
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and advection. Fresh water input have been the strongest factor that affects salinity and 
oxygen isotopic composition, the variables most commonly used in paleoclimate studies. 
The influence of fresh water has been the strongest within marginal basins and coastal 
regions (Ripa and Marinone, 1989, Beron-Vera, 2002, Lavin, 2009), whereas in the open 
oceans it is of a lesser importance (Rohling and Bigg, 1998). 
While the global hydrologic cycle elements influence temperature, salinity and 
δ18O in slightly different ways, there are clear correlations between the changes in each of 
the parameters. For example, intense precipitation would cause a decrease in seawater 
salinity and δ18O, because rainwater is generally depleted in 18O relatively to 16O 
(Grottoli, 2006). The exact relationship between temperature and seawater δ18O (δ18Osw) 
and salinity and δ18O varies with latitude, depth and ocean basin (Grottoli, 2006).  
2.1.4 Seawater temperature, salinity and δ18O trends 
The relationship between seawater isotopic composition and salinity has been 
known since the early work of Epstein (1951) and Epstein and Mayeda (1953). In their 
research they investigated the relationships between seawater δ18O, temperature, salinity 
and calcium carbonate δ18O. The results yielded positive linear relationships for seawater 
surface salinity – δ18O and seawater surface temperature – δ18O (Figure 2.1).  
It’s been experimentally established that 1‰ loss in salinity would cause a 0.27‰ 
depletion in tropical seawater δ18O (Fairbanks et al., 1997). Epstein (1951) showed that if 
the maximum variation of δ18O in the surface seawater is 1.7‰, then it would represent 
about 10oC of temperature variation. 
Even though the general trend fits positive linear regression, some deviations 
might occur due to the poorlyl understood cumulative effects of the processes of 
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evaporation, precipitation, water mass mixing, ice separation and melting. Epstein and 
Mayeda (1953) postulated that the more constant the isotopic composition of fresh water 
contaminant, the more probable will be the linear S:δ18O and T: δ18O relationships in 
seawater. 
 
Figure 2.1 Plots of salinity vs. δ18O and temperature vs. δ18O for the surface seawater 
(From Epstein, 1951) 
It is clear that the same processes that influence seawater δ18O affect salinity too, 
even though the similarity is only qualitative. For example, an addition of fresh water 
(zero salinity) from two different sources that are characterized by different δ18O 
compositions, such as melted ice and a river, can result in equal seawater salinity values; 
δ18O compositions wouldn’t be the same though, because δ18O of the sources was 
dramatically different. Moreover, values for fresh waters for, as an example, the snow 
and Columbia River water collected at Trail, British Columbia are drastically different 
from the fresh water of the Great Lakes, Chicago and Bermuda rain, and the Mississippi 
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River. Despite the general linear trend between δ18O and salinity, it might be concluded 
that primarily dilution with ice meltwater at high latitudes takes place. (Epstein and 
Mayeda, 1953). 
Modern research corroborates the linearity of S:δ18O and T:δ18O relationships and 
provides deep insight on the reasons of short term and local δ18O and salinity variations 
and deviations from the linear regression trend.  
Rohling and Bigg (1998) in their study demonstrated the linearity of the S:δ18O 
relationship in both marginal basins and open oceans and reported potential error in 
paleosalinity reconstructions based on δ18O between 0.2% and >4%. This error might 
have resulted from the sporadically excessive fresh water budget and sea ice influences 
and might have lead to a possible nonlinearity in the S:δ18O trend. The degree of 
nonlinearity, according to Rohling and Bigg (1998), depends on the volumetric 
characteristics of the freshwater input and sea ice formation in relation to marine 
advection terms in addition to primarily isotopic composition of the various terms in the 
freshwater budget.  
McConnell (2009) experimentally established a  generally positive linear 
relationship between seawater δ18O and salinity for the entire dataset on the Cariaco 
Basin, Venezuela from May 1996 through December 1996 and December 2005 through 
May 2006. He also showed that this relationship may slightly deviate for different 
seasons due to water mixing during an excessive fresh water input and upwelling.  
Conroy et al. (2014) contributed to the general understanding of the nature of 
seawater S:δ18O relationship by showing significant positive linear correlations between 
seawater salinity and δ18O, which corroborated with previous surface data. This study 
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provided a comparison of the measurements of rain and seawater salinity and isotopic 
composition, yielding the importance of local temperature, evaporation, precipitation and 
fresh water budget influence.  
Whereas multiple research groups yield generally positive linear relationship 
between surface seawater salinity and δ18O, the values of the slope and intercept may 
vary significantly from location to location due to the variations in regional seasonal 
hydrologic and climatologic characteristics.  
For example, Ripa and Marinone (1989) tightened annual and monthly salinity 
and temperature seasonal variations in the Gulf of California to the seasonal fresh water 
flux and horizontal mixing with cold and more saline ocean water brought by various 
climatological processes controlled by El Niño-Southern Oscillation (ENSO) cycle. It’s 
been shown that surface seawater temperature has pretty consistent annual cycle reaching 
its minimum in December – February and maximum in July – September. The fresh 
water influx and salinity have a semi-annual component. The evaporation minus 
precipitation rate reaches peak in April and November and goes down to almost a zero in 
August and February. Salinity variations have four extremes throughout a year, thus it 
hits the highest value of 35.48 psu in December and the second maximum of 35.22 in 
May, the lowest values of 34.95 in August and 35.16 in March. Salinity changes were 
shown to occur due to both vertical diffusion and horizontal advection/diffusion.  
Lavin et al. (2009) analyzed the thermohaline structure in the Gulf of California 
and presented a very deep insight on the factors affecting surface seawater temperature 
and salinity fluctuations. There are two sources of water characterized by different 
temperature and salinity that determine the composition of the Gulf of California water. 
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The mouth of the gulf and near coastal currents plays a very important role in the 
formation of temperature and salinity circulation. The largest structures discovered in the 
study of Lavin et. al. (2009) were 1) the cool and high salinity anomaly that comes into 
the gulf through its entrance, 2) the warm-water intrusion attached to the mainland coast, 
and 3) a warm narrow band of warm water exiting the gulf. These features though appear 
to be recurrent throughout most years. Low salinity water is being advected into the gulf 
with inflowing coastal currents. A general increase of 2oC accompanied by an increase in 
surface salinity of 0.15 has been observed in most of the sampled area. 
Beron-Vera and Ripa (2002) studied the seasonal balance of the average salinity 
in the Gulf of California based on previously published observation data. Beron-Vera and 
Ripa showed that the rate of change of salinity is controlled by the change in evaporation-
precipitation, concentration/dilution and by along-gulf advective plus diffusive transport. 
According to their model, knowing only E – P annual and semiannual cycle is not enough 
to explain the seasonal variations and anomaly distribution of salinity. Seasonal salinity 
balance has been shown to largely depend on the Pacific Ocean water circulation 
patterns, because the average salinity values were found to reach their peaks toward the 
mouth of the Gulf.  
2.1.5 Oxygen isotopes in marine carbonates as a proxy for paleoenvironmental 
reconstructions 
Much climate change research is currently focused on the role of the tropics with 
regard to the past decadal and subcentennial and future climate fluctuations. Such studies 
focus on the process of δ18O fractionation between seawater and marine invertebrates that 
build their skeletons of calcium carbonate, e.g. corals, foraminifera, sponges, echinoids. 
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There have also been experiments conducted on synthetic carbonates provided laboratory 
calibrations of seawater past temperature reconstructions (Black et al., 2004, Cole and 
Fairbanks, 1990, Courtney and Ries, 2015, Dunbar et al., 1994, McConnell, 2009, 
Rosenheim et al., 2009, Swart et al., 1996, Thompson 1986, 2000). Isotopic fractionation 
depends both on the proportion of the stable isotopes available in the seawater and the 
temperature of this water. The δ18Osw also depends on surface seawater salinity, which is 
linked to the atmospheric evaporation-precipitation balance and the volume of depleted in 
heavy 18O continental ice sheets (Figure 1.6.1). There is no direct effect of salinity on 
δ18O in biogenic carbonates, however, it is tightly linked to it through the δ18O of 
seawater. The relationship between salinity and δ18Osw is linear and has been shown to 
remain the same during the last glacial cycle, even though it varies from region to region 
(Rohling and Bigg, 1998). 
 




From Malaize and Caley, 2008 
Seawater temperature can be empirically derived from known fossil carbonate 
δ18O and the δ18O of seawater tracer fossil grew in. The first paleotemperature scale 
based on biogenic aragonite and calcite δ18O was developed by Epstein et al. (1953): 





                                        δ
18
𝑂𝑤−𝐴𝑀𝑊)
2  (2.4) 
The values for average marine water (AMW) are 𝑑18𝑂𝑤−𝐴𝑀𝑊 . AMWare the 
values for average marine water (AMW). AMW values have been shown to be 0.22% 
higher than those of VSMOW (Craig, 1961). Later in the study by Hut (1987) the 
discrepancy between AMW and SMOW δ18O was updated to 0.27‰. 
To find δ18Osw, equation (1.4) can be reworked as following (Malaize and Caley, 
2008): 
 δ18𝑂𝑠𝑤 = δ18𝑂𝑐 + 0.27 − 5(4.38 − √4.382 − 0.4(16.9 − 𝑆𝑆𝑇)) (2.5) 
Oxygen isotope fractionation equations have been derived for synthetic calcite 
(Shackleton, 1974), foraminiferal calcite (Bemis et al., 1998), calcite from cultured 
Patinopecten yessoensis mollusks (Epstein et al., 1953, Bӧhm, 2000), and many other 
trace fossils that appeared to be reliable a paleoclimate proxy or contain data that could 
be used to make inferences about paleoclimate. A large body of research has been done 
on oxygen isotope fractionation between laboratory precipitated carbonates and seawater 
as well (McCrea, 1950, O’Neil et al., 1969, Kim et al., 2007, Gabitov, 2013, Wang et al., 
2013). Equation for biogenic aragonite was developed by Grossman (1986) and corrected 
in regard with VSMOW by Hudson and Anderson (1989): 
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 𝑇𝑜𝐶 = 19.7 − 4.34(δ18𝑂𝑎𝑟𝑎𝑔 − δ18𝑂𝑠𝑤)  (2.6) 
Leder (1996) derived a paleotemperature equation for aragonitic M. Faveolata 
coral: 
 𝑇𝑜𝐶 = 5.33 − 4.19(δ18𝑂𝑎𝑟𝑎𝑔 − δ18𝑂𝑠𝑤)  (2.7) 
Another equation for paleotemperature based on the cumulative record of 
sclerosponges, mollusks, abiotic aragonite and aragonitic foraminifera was 
experimentally derived by Bӧhm (2000): 
 𝑇𝑜𝐶 = 20.0(±0.2) − (4.42(±0.1)(δ18𝑂𝑎𝑟𝑎𝑔 − δ18𝑂𝑠𝑤))  (2.8) 
The equation derived by Bӧhm was later improved by Rosenheim (2009) with 
regard to aragonitic sclerosponges: 
 𝑇𝑜𝐶 = 16.1(±3.1) − (6.5(±1.1)(δ18𝑂𝑎𝑟𝑎𝑔 − δ18𝑂𝑠𝑤))  (2.9) 
Rosenheim et al. (2009) provided a revised paleotemperature calibration based on 
in situ seawater δ18O measurements. Rather than reconstructing past seawater 
temperature from δ18O derived from salinity, this study suggests an experimental 
approach using high-resolution measurements of δ18O in aragonitic scrlerosponges 
compared to ambient temperature measurements and δ18O values of seawater.  
Analysis of existing paleotemperature equations derived based on aragonitic 
corals and sclerosponges showed that coral and sclerosponge reconstruction provides 
generally overestimated temperatures by recording lower δ18𝑂𝑐 then expected from 
actual seawater δ18𝑂. Given that paleoreconstructions based solely on fossil δ18𝑂 record 
in most cases show some offset in SST values, which is different for different species, 
Gusson suggested using a multi proxy approach involving Mg/Ca ratios and δ 44/40Ca 
values for more precise determination of past seawater temperature and salinity. 
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Paleosalinity reconstructions are more complicated than paleotemperature, 
because one would have to solve two unknown parameters, δ18Osw and T using both (2.4) 
and (2.5) equations. For this purpose it might be useful to implement an additional 
paleotemperature proxy, such as Mg/Ca, Sr/Ca and δ44/40Ca values, to reconstruct past 
temperature first and then use these values to reconstruct δ18Osw, and, eventually apply T 
and δ18Osw to S estimation. Craig and Gordon (1965) established the first S:δ18Osw 
relationship during the series of experimental measurements made during oceanic cruises 
in different oceans. 
 δ18𝑂𝑠𝑤 = 0.66𝑆 − 23.5 (2.10) 
Since then, many observations have shown a variety of different slopes and 
intercepts for the S:δ18Osw equation depending on the specific species and nature of 
waters. Pierre (1986) established a S:δ18Osw relationship in the Mediterranean Sea, which 
can be applied to the closed seas with similar hydrographic regime: 
 δ18𝑂𝑠𝑤 = 0.276814𝑆𝑆𝑆 − 9.07815  (2.11) 
Faibanks et al. (1992) experimentally established a linear relationship between 
surface seawater salinity and δ18Osw for the Altlantic and Pacific Oceans. The eastern 
Equatorial Pacific SSS:δ18Osw is presented as the following: 
 δ18𝑂𝑠𝑤 = 0.26𝑆𝑆𝑆 − 8.77 (2.12) 
The S: δ18Osw equation for the Gulf of Mexico is: 
 δ18𝑂𝑠𝑤 = 0.11𝑆𝑆𝑆 − 3.15  (2.13) 
The equations linking seawater δ18𝑂 and salinity for the Atlantic and Pacific 




 Atlantic Ocean: δ18𝑂𝑠𝑤 = 0.15𝑆𝑆𝑆 − 4.61  (2.14) 
 Pacific Ocean: δ18𝑂𝑠𝑤 = 0.27𝑆𝑆𝑆 − 8.88  (2.15) 
Attempting to estimate the influence of El Nino/Southern Oscillation System 
effect in the central equatorial Pacific, Fairbanks et al. (1997) analyzed the El Nino SST 
and SSS anomaly and provided the following equation based on the experimental 
derivation from foraminifera record: 
 δ18𝑂𝑠𝑤 = 0.273𝑆𝑆𝑆 − 9.14  (2.16) 
Experimental analysis of the Global Ocean performed by Schmidt et al. (GISS) 
(1999) yielded a linear relationship between surface seawater salinity and δ18O: 
 δ18𝑂𝑠𝑤 = 0.23𝑆𝑆𝑆 − 7.82  (2.17) 
Conroy et al. (2014) compared the results from Schmidt (1999) with the data 
obtained in their study and came up with the following equation: 
 δ18𝑂𝑠𝑤 = 0.31𝑆𝑆𝑆 − 10.38  (2.18) 
Bemis et al. (1998) generated a set of simple linear equations for two foraminifera 
species – O.universa and G.bulloides that allow for calculation of the predicted calcite 
equilibrium profiles for each species using measured paleotemperature and assuming an 
average seawater δ18O for the entire water body within the study region. 
 𝑂. 𝑢𝑛𝑖𝑣𝑒𝑟𝑠𝑎: 𝑇𝑜𝐶 = 14.9 − 4.80(δ18𝑂𝑐 − δ18𝑂𝑠𝑤)  (2.19) 
 𝐺. 𝑏𝑢𝑙𝑙𝑜𝑖𝑑𝑒𝑠: 𝑇𝑜𝐶 = 13.2 − 4.89(δ18𝑂𝑐 − δ18𝑂𝑠𝑤)   (2.20) 
McConnell (2009) experimentally established that SSS:δ18Osw fits the following 
regression model: 
 δ18𝑂𝑠𝑤 = 0.80(±0.08)𝑆𝑆𝑆 − 28.53(±3.00)  (2.21) 
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McConnell’s observations yielded a strong trend between climate factors, such as 
local river discharge, seasonal precipitation as well as evaporation, wind driven coastal 
upwelling and lateral advection, seawater temperature, salinity and δ18O. Using Bemis’s 
equations McConnell showed that G.bulloides and O.universa follow the general trend of 
18O enrichment in seawater over increasing salinity during the 1996 – 2006 decade. Both 
O.universa and G. bulloides, however somewhat underestimated salinity during July 
through January and February through May consequently.  
One of the biggest complications in reconstruction of paleoseawater environments 
through δ18O is that oxygen isotope fractionation, beside climatological and hydrological 
factors, is affected by the number of factors that cause the so-called ‘vital effect’. First of 
all, δ18O fractionation depends on the biological characteristics of certain species. For 
example, there would be a different temperature dependency between planktonic and 
benthic species (Adkins et al., 1998), since temperature changes with depth, and 
planktonic organisms tend to drift within the water column. Hence, correction for the 
temperature of calcification, which could be obtained using other paleotemperature 
proxies, such as Mg/Ca and/or Sr/Ca (Rohling and Bigg, 1998, Ries, 2005, Correge et al., 
2006) needs to be done. 
Besides, oxygen isotope fractionation depends on mineralogy of fossil carbonates; 
fractionation coefficients between seawater and calcite have been shown to differ from 
those between seawater and aragonite (Zhou and Zheng, 2003, O’Neil et al., 1969, Kim 
et al., 2007). The vital effect of different species has also been proven to depend on the 
symbiotes present (Cohen and McConnaughey, 2003) and colony topography (Cohen and 
Hart, 1997).  
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2.1.6 P.damicornis coral mineralogy and skeletal organization 
The colonial skeleton of P.damicornis is dendritic with primary branches 2 to 3 
mm in diameter and 1 to 4 mm long (Figure 2.3). Basal branches seldom attain a diameter 
greater than 1.5 cm, and entire branches may be as much as 10 cm long. Calices are 
usually 0.8 mm in diameter, might be slightly elliptical with the longer diameter oriented 
parallel to the longer axis of a branch. Septa are poorly developed and either absent or 
reduced to a column of spines. The columella is not always present, and appears as a low 
hump in the center of the tabula that forms the bottom of the calice.  
 




Pocolipora damicornis is an Indo-Pacific reef building coral, sensitive to the 
changes in seawater temperature and salinity (Edmondson, 1946). The coral’s natural 
habitat is within a depth of up to 20 m. According to the mineralogical studies of 
P.damicornis, it is consists of mineral aragonite (Wainwright, 1963). Optimal growth 
rates have been shown to vary with regard to sweater temperature reaching the maximum 
during 24-29oC (Jokiel and Guinther, 1978). Previous studies, however, showed that 
P.damicornis can adjust to and grow in colder waters as well as laboratory conditions 
(Edmondson, 1946). Such fast growth rates would allow easy sampling in order to be 
able to trace the changes in the growing environment recorded by a coral due to the 
processes of fractionation.  
P.damicornis has not been studied widely as a material with regard to 
paleoenvironmental proxy. In fact, a variety of different coral taxa have been studied and 
proved to be reliable tracers of past ocean temperature, salinity and δ18O. At present time 
common reliable tracers are Sr/Ca, Mg/Ca and δ18O (Correge, 2006). In this work we 
focus specifically on studying coral δ18O and show the ability of P.damicirnis to respond 
to changes in the seawater temperature, salinity and isotopic composition.  
2.2 Data availability and analytical techniques 
2.2.1 Sample origin 
A P.damicornis coral sample was provided by Dr. Roberto Iglesias Prieto, 
Universidad Nacional Autónoma de México. The coral specimen was originally collected 
from the Gulf of California, La Gaviota Island, Mexico (latitude 24.28472, longitude -
110.33889). In July 2009 the specimen was collected and transported to Puerto Morelos, 
Mexico (latitude: 20.84833, longitude: -86.87611) and placed in the running seawater 
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aquarium, where it was kept for 9 months under a constant temperature of 28ºC ±0.5 ºC 
(Figure 2.4).  
 
Figure 2.4 Sample growth locations 
 
2.2.2 Surface Seawater Temperature, Salinity and δ18O datasets 
In this work we compare the data available on the surface (zero meters) seawater 
δ18O (δ18Osw), salinity (SSS) and temperature (SST) variations between the Gulf of 
California and the Caribbean Sea and show how these variations are recorded in oxygen 
isotopic composition of the P.damicornis coral through the geochemical reaction on the 
changes in growth environment. 
Temperature and salinity values were collected from the World Ocean Atlas 2009 
(WOA09) for the period from January to December of 2009 as a comma delimitated 
Excel file (http://www.nodc.noaa.gov/OC5/WOA09/woa09data.html) and a NetCDF 
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database file (http://www.nodc.noaa.gov/OC5/WOA09/netcdf_data.html). NetCDF is a 
file format that allows storing multidimensional data which can be visualized using 
geoprocessing tools. In this study raster layers for monthly temperature and salinity data 
from NetCDF files were created in ArcMap software. Monthly SST and SSS values for 
the Gulf of California and the Caribbean Sea extracted from the comma delimitated Excel 
files were used in calculations. 
The World Ocean Atlas is a database of statistical and objectively analyzed mean 
oceanographic fields (climatologies) of in situ temperature, salinity, dissolved oxygen, 
etc. at variable depth levels for annual, seasonal, and monthly periods for the World 
Ocean. The atlas includes associated statistical fields of observed and interpolated 
oceanographic profile data (https://www.nodc.noaa.gov/OC5/WOA09/pr_woa09.html). 
Statistical checks for all temperature and salinity data were provided as a record of the 
number of observations, mean, and standard deviation for each variable, averaged within 
five-degree latitude longitude squares regardless of the year. The WOA09 temperature 
and salinity data were acquired from the National Oceanographic Data Center (NODC) 
and World Data Center (WDC) for Oceanography, Silver Spring, Maryland. The source 
of the data is several global projects including the Intergovernmental Oceanographic 
Commission (IOC), Global Oceanographic Data Archaeology and Rescue (GODAR) 
project, the IOC World Ocean Database project (WOD), as well as the IOC Global 
Temperature Salinity Profile project (GTSPP) (Locarnini et al., 2010, Antonov et al., 
2010).  
The data collected from WOA09 data consists of mean monthly values of the 
surface seawater temperature (in Celsius) and salinity (‰). Temperature and salinity 
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climatologic data are the average of approximately five decades for the following 
periods: 1955-1964, 1965-1974, 1975-1984, 1985-1994 and 1995-2005. Monthly 
climatologic averages were calculated using data only from the given month regardless of 
the day of the month in which the observation was made (Locarnini et al., 2010, Antonov 
et al., 2010).  
Monthly temperature values for La Gaviota Island, Gulf of California were 
collected from WOA09 for 24 latitude and -110 longitude. Salinity observations for La 
Gaviota Island, Gulf of California were taken for 24.5 latitude and -109.5 longitude 
(Table 2.1). Because temperature in the running seawater aquaria in Puerto Morelos, 
Mexico was kept constant, collected data for this location includes only averaged 
monthly salinity variations for 20.5 latitude and -86.5 longitude. In this work we assumed 
that minor coordinate offset doesn’t affect general seasonal fluctuations in temperature 































































































































































































































































































































































































































































































































































































































Seawater δ18O dataset was acquired from NASA Goddard Institute for Space 
Studies (GISS) Global Seawater Oxygen-18 Database (http://data.giss.nasa.gov/o18data/) 
as both comma delaminated Excel spreadsheet, values from which were used in 
calculations, and a NetCDF file that was visualized as a raster layer in ArcMap software. 
The NASA Global Seawater Oxygen-18 Database is a 3-dimensional 1ox1o gridded 
dataset of over 26,000 annual mean seawater δ18O values made since about 1950 and 
compiled into one database (Schmidt (1999), Bigg and Rohling (2000)), LeGrande and 
Schmidt, 2006).  
Even though this database is greatly extended in comparison to some early 
analogous databases (e.g.GEOSECS, Ostlund et al., 1987), data coverage varies from 
region to region; observations are still pretty sparse to allow capturing seasonal 
variability in some localized regions.However, all the available data is considered to be 
broadly representative (LeGrande and Schmidt, 2006) of long term mean, any incomplete 
and erroneous data have been eliminated, and all values have been uniformly corrected 
with respect to the current VSMOW (Vienna Standard Mean Ocean Water) standard.  
The surface ocean is divided into regions that are determined by surface 
circulation patterns and distinct δ18Osw signatures (LeGrande and Schmidt, 2006). Neither 
direct nor reconstructed δ18Osw values at the locations we discuss in this study are not 
present in the current NASA dataset, thereby for the calculations we used averaged 
δ18Osw values from Tropical Pacific as a reference for The Gulf of California surface 




Table 2.3 Seawater δ18O values obtained from GISS 
 


















 S. Mulitza (1996) -63,73 18,95 1996 1,207  
Leder et al. (1996) -80,17 25,42 1989 1,101  
H. Spero (2000) -67 18 1993-1995 0,958  
















 Craig and Gordon (1965) -131 20 1965 0,107   
Epstein and Mayeda (1953) -120,7 18,55 1953 0,224  
Ostlund et al. (1987) -169,13 18,22 1973 0,280 0.19±0.09 
 
2.3 Analytical methods 
2.3.1 Sample preparation 
Sample preparation was performed at Mississippi State University through 
August – October 2015. The sample was cut along the growth direction to expose the 
interior portion of the coral for direct sampling (as well as to enable sampling from a flat 
surface), mounted in epoxy resin and polished using 800 - 1200 grit silicon carbide paper 
(Figure 2.5). The sample included both parts that had grown in the Gulf California and 
Caribbean Sea, but the location of an exact borderline was unknown. 
2.3.2 Micromilling technique 
In order to provide fine material for Isotope Ratio Mass Spectrometry (IRMS) to 
determine δ18O 17 powder samples were obtained from the coral specimen using the New 
Wave Micromill housed at the Department of Geosciences, Mississippi State University 
with a step of approximately 30-70 micrometers (Figure 2.7). The micromilling process 
followed the techniques employed in previous studies (e.g., Charlier et al. 2006; 




Figure 2.5 A photograph of a P.damicornis sample 
On the left – a single branch, on the right - a piece of a single brunch mounted in epoxy 
resin 
The micromill apparatus (Figure 2.6) consists of a moveable platform/stage 
supporting the sample, which is positioned under a high-speed drill, equipped with a 
dental bit. The sample surface is then magnified via a digital camera or computer 
imagery, so that milling points / transects can be plotted. Samples can then be extracted at 
the resolution required for a particular study, offering great fidelity in a sampling 
strategy.  
For this study, micro-milling provided the ability to collect samples with a step 
size range of 30-70 µm following the organism’s growth as it changed water 
environments, from Baja California to the Caribbean Sea. Masses of obtained powdered 
samples varied from 354 to 2670 µg (Table 2.4). Traditionally, current spectrometric 
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methods of δ18O analysis require at least 20 µg of powder (Wurster et al., 1999). 
However, in our practice and literature (Sakai and Kodan, 2011) it’s been noticed that the 
significant powder mass loss occurs due to the static effect between the very fine matter 
and glass vials we use to transport milled samples. In order to have enough material for 
the IRMS test it has been experimentally established that in our case the optimal amount 
of powder should be no less than 300 µg. 
 
Figure 2.6 New Wave Micromill device 




Figure 2.7 An optical microscope photograph of the coral sample 




Table 2.4 Sampling step-size and masses of micromilled powder samples 
Sample Mass, µm 
Step size, 





1 619 50  10 854 60 
2 2670 50  11 1014 70 
3 593 40  12 613 60 
4 713 30  13 776 70 
5 517 40  14 795 70 
6 587 50  15 612 70 
7 542 50  16 1027 70 
8 552   17 517 50 
9 696 70         
 
2.3.3 Isotope Ratio Mass Spectrometry  
Determination of δ18O was performed on isotope ratio mass spectrometer Kiel III 
Carbonate Device housed at JISAO laboratory at the University of Washington. The 
variations in the abundance of isotopic ratios 18O/16O were measured relative to the 
VPDB scale using NBS19 carbonate reference materials according to Friedman et al. 
(1982) with precision of 0.09 ‰. 
In the IRMS analysis samples are converted to carbon dioxide (CO2) to measure 
corresponding ratio of 18O to 16O isotopes in the gas. Traditionally, 20 to 120 µg of 
carbonate material are mixed in five drops of 100% phosphoric acid (H3PO4) and allowed 
to react for ten minutes at the temperature of 70°C. CO2 is produced from a sample by the 
following reaction with H3PO4: 
 𝐶𝑎𝐶𝑂3 + 𝐻3𝑃𝑂4 ↔ 𝐶𝑎𝐻𝑃𝑂4 + 𝐶𝑂2 + 𝐻2𝑂  (2.22) 
Both CO2 and H2O are trapped in a small volume cold finger held at -196°C with 
liquid nitrogen. When the reaction is complete, the trap is warmed to -110°C to keep H2O 
but allow CO2 to expand for gas volume measurement. The CO2 is then frozen into a 
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second small volume cold finger trap and held at -196°C with liquid nitrogen. Once 
complete, the trap is warmed to 26°C allowing the CO2 to pass into a Finnigan Delta Plus 
isotope ratio mass spectrometer (http://isolab.ess.washington.edu/isolab/sample-prep-
analysis/bulk-carbonate). 
An IRM spectrometer consists of five main elements: a sample introduction 
system, an electron ionization source, a magnetic sector analyzer, a Faraday-collector 
detector array, and a computer-controlled data acquisition system (Figure 2.8). The ratios 
of oxygen isotopes are always measured relative to an isotopic standard in order to 
eliminate any bias or systematic error in the measurements (Friedman et al., 1982, 
Muccio and Jackson, 2008). 
 
Figure 2.8 Schematic assemblage of Isotope Ratio Mass Spectrometer 
From Muccio and Jackson, 2008 
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2.4 Results and discussion 
2.4.1 Surface Seawater Temperature, Salinity and δ18O 
The map of World Ocean δ18Osw distribution was made in ArcMap software using 
the dataset obtained from NASA GISS (Figure 2.9). The map represents averaged δ18Osw 
values collected and reported by different authors in different years. As it can be seen on 
a map, δ18Osw in the Gulf of California is significantly elevated over that in the Caribbean 
Sea. It’s important to note that the gridded δ18Osw dataset doesn’t include direct 
measurements at the locations we discuss in this study, instead, the values available for 
these locations are interpolated values based on the measured values in the nearby areas 
(Table 2.3). Mean values taken from the nearby locations, as it can be seen on the World 
Ocean δ18Osw distribution map, match the interpolated values indicated by a color bar. 
According to the data obtained from WOA09, temperature in the Gulf of 
California gradually increases from 18.7oC in January to 29.3oC in July (Table 2.1). 
Salinity fluctuations within 34.6-35.2‰ don’t show any seasonal trends and are probably 
induced by local fresh water balance (Figure 2.12); the area is known to be greatly 
affected by the near coastal fresh water currents and ENSO (El Nino Southern Oscillation 
system) (Fairbanks et al., 1997, McConnell et al., 2009). Monthly variations of 

















































































































































































Temperature in the Caribbean Sea, where the coral was kept in the running 
seawater aquarium, remained constant while salinity, according to the WOA09 data 
fluctuated between 35.77 and 36.36‰ (Table 2.1, Figure 2.12) with no clear seasonal 
pattern. Salinity values during the fall months, however, seemed elevated over other 
months.  
 
Figure 2.12 Monthly temperature and salinity variations  
in the Pink oval - Gulf of California, Green oval - Caribbean Sea 
2.4.2 Distribution of δ18O in P.damicornis 
The results of Isotopic Ratio Mass Spectrometry yielded correlation between 
oxygen isotopic composition of P.damicornis and seawater δ18O (Figure 2.14). Clearly, 
the part of the coral that grew in the Gulf of California is characterized by lower δ18O 
values than the part that grew in the Caribbean Sea, similarly, seawater δ18O in the Gulf 
of California appear to be lower than in the Caribbean Sea. We cannot say that there are 
any apparent trends in local changes in δ18Oc over time, from January to June in the Gulf 
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of California, and from August to April in the Caribbean Sea (Figure 2.13). However, the 
jump in δ18O on the time- δ18O graph also allowed us to point out an approximate 
location of a border line between the Gulf of California growth and the Caribbean 
growth. We estimated the border line to be somewhere between sample 4 and sample 6 
(Figure 2.14). Due to the micromilling technique resolution and the mass spectrometry 
instrument failure to measure sample 5 this estimation, unfortunately, cannot be more 
precise.  
 
Figure 2.13 Correlation between seawater and coral δ18O 
 
We compared δ18Oc to the surface seawater salinity (Figure 2.15). There are 
higher δ18Oc values in the area with elevated salinities – Caribbean Sea, and lower δ18Oc 
in the Gulf of California, an area with lower salinity. We did not observe any strong 
seasonal S: δ18Oc correlation in the Gulf of California nor in the Caribbean Sea, however, 
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a rapid increase of 1% of salinity due to the transplantation of the coral from the Gulf to 
















































Figure 2.15 Surface seawater salinity vs. δ18O in P.Damicornis coral 
 
2.4.3 Surface Seawater Temperature and Salinity calculations 
In this study we had seawater temperature, salinity and averaged δ18O values from 
literature sources, and we obtained δ18Oc by directly measuring it. Normally, the goal of 
paleoreconstructions is to quantitatively estimate the parameters that are usually unknown 
–T, S, δ18Osw. In order to see how well solely P.damicornis coral δ18O record can be used 
as a paleoenvironmental proxy, we tested several known equations that have been used to 
reconstruct important climatological parameters and compared the results to the data we 
obtained from WOA09 and NOAA databases. 
There are two types of equations that allow paleoenvironmental reconstructions, 
those that connect temperature to δ18O in seawater and carbonates, and those that link 
salinity and seawater δ18O, because salinity has been known to affect δ18Oc indirectly as 
an indicator of ice melting and freshwater input.  
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First, we calculated seawater δ18O values based on known δ18O in coral and 
temperature values for each location. Resulting δ18Osw output of all equations tucrned out 
significantly underestimated in comparison to the values from GISS (table 2.5). The 
observed discrepancy, in our opinion, might have been caused by 1) weak to absent 
correlation between temperature and δ18Oc (Figure 2.16), 2) difference in the 
mineralogical composition of trace fossils (aragonite vs. calcite), 3) the character of 
‘vital’ effect inherent to every organism, or 4) failure of P.damicornis coral to record 
sweater temperature variability. The first conclusion was based on the fact that the 
temperature in the Caribbean Sea was kept constant therefore had little to no effect on 
δ18Osw, and that the number of observations from the Gulf of California might not be 
representative. The last one requires an expended body of thorough observations and 
measurements, including taking into account the amount and isotopic effect of 
precipitation, evaporation, upwelling seasons and fresh-water influx.  
 






























































































































































































































































































































































































































































































































































































































































Next, we calculated seawater δ18O from salinity values that were obtained from 
the World Ocean Atlas 2009. Since salinity was observed to have more influence on 
δ18Oc, even indirectly through δ18O, which is linked to δ18Oc through the process of 
isotopic fractionation, than temperature, we expected S:δ18Osw equations to provide more 
realistic values of δ18Osw (Table 2.6). In fact, the equation derived by Schmidt et al. 
(1999) and Conroy et al. (2014) produced δ18Osw values that did or were very close to fall 
within the range of δ18Osw values that were reported to GISS. Other models yielded 
somewhat under or overestimated δ18O outputs, for which might have been caused by the 
difference in hydrographic regime and nature of the waters these equations were derived.  
We derived our own equation to reconstruct monthly δ18O values that would 
correspond with the measured δ18O in coral. The equation was built on two S: δ18Osw 
pares, where S values were averaged for the Gulf and the Caribbean values from 
WOA09, and δ18Osw – averaged for the two location values obtained from GISS. 
  δ18𝑂𝑠𝑤 = 0.9276𝑆𝑆𝑆 − 32.242 (2.23) 
The δ18Osw values we calculated from our equation are in included in Table 2.7. 
An attempt to find any relationship between SST and reconstructed δ18Osw didn’t lead to 
any significant results. A negative linear relationship between seawater temperature and 
δ18O might have been suppressed by the more influential salinity effect.  
The correlation between δ18Osw calculated using eq. 2.23 and measured δ18Oc 




Figure 2.17 Correlation between calculated δ18Osw and measured δ18Oc 
































































































































































































































































































































































































































































































































































































































































Table 2.7 Compiled surface seawater temperature, salinity, calculated δ18Osw and 
measured δ18Oc data 








Jan 18.727 34.802 0.0403352 -5.2745 
 Feb 19.441 35.096 0.3130496  




 Apr 21.274 34.909 0.1395884  
 May 23.421 35.167 0.3789092 -5.2199 
 June 25.572 35.2 0.40952 -5.1768 
  July 29.282 35.037 0.2583212   
Caribbean Sea Aug 28 35.865 1.026374 -4.5436 
     -4.6621 
 Sep 28 35.932 1.0885232 -4.4295 
 Oct 28 36.36 1.485536 -4.0607 
 Nov 28 36.103 1.2471428 -4.3826 
     -4.3696 
 Dec 28 35.947 1.1024372 -3.8747 
 Jan 28 35.766 0.9345416 -4.4748 
     -4.4217 
 Feb 28 35.802 0.9512384 -4.4855 
 Mar 28 36.16 0.9679352 -3.9799 
  Apr 28 35.816 1.1339756 -4.5479 
 
2.5 Conclusions 
We compared observed surface seawater parameters (temperature, salinity and 
δ18O) with δ18O recorded by P.damicornis coral during the process of calcification. The 
results yielded distinct variations in coral δ18O depending on the changes in the growing 
environment. After the coral was transplanted from the Gulf of California to the 
Caribbean Sea, where average salinity abruptly increased on 1 per mill as well as average 
δ18Osw, the average composition of δ18O in P.damicornis increased on 1 ‰ accordingly. 
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Expected temperature effect reported in the previously published works has not been 
observed in our study. Possible explanation is that salinity effect might be stronger than 
temperature effect on isotopic composition of coral transferred from the Gulf of 
California to aquarium in Caribbean Sea. Considering that δ18O in carbonates decreases 
with an increase in temperature and increases along with increasing salinity, those two 
effects tend to cancel each other out.  
Based on the observed correlation between average δ18O and salinity data 
published in the Global Oxygen-18 NASA and World Ocean Atlas 2009, we 
reconstructed monthly δ18O values (Eq. 2.23), which were used to derive an equation for 




AN EFFECT OF MG/CA IN FLUID ON GEOCHEMISTRY OF INORGANICALLY 
PRECIPITATED CACO3 
3.1 Background and Literature review 
3.1.1 Secular variations of Mg/Ca ratios in seawater 
Mg/Ca ratio of seawater has not been uniform throughout the geological history 
and has varied significantly from approximately 1 to 5.2 mol/mol (Stanley and Hardie, 
1999). The process of secular variation of the Mg/Ca ratio is driven by the global rate of 
oceanic crust production. As the midocean ridges expand, large basalt masses interact 
with marine brines, which releases Ca2+ and K+ into the seawater and removes Mg2+ and 
SO42- from it (Spencer and Hardie, 1990). Therefore, periods of high tectonism, when the 
rate of oceanic crust production was relatively high, resulted in enhanced ion exchange, 
and, consecutively, in low Mg/Ca ratios throughout the Earth’s oceans. This suggests that 
secular variation in the Mg/Ca ratio of seawater has led to the observed distribution of 




Figure 3.1 Correlation between seawater Mg/Ca secular variations and marine 
carbonates mineralogy  
From Stanley and Hardy, 1999 as calculated by Hardie, 1996 
Secular variations of Mg/Ca ratio control global changes in the mineralogical 
composition of biotic and abiotic carbonates polymorphs including such as calcite, Mg-
calcite, aragonite, and vaterite (Niedermayr et al., 2013, Wilkinson, 1979; Sandberg, 
1983, Hardie, 1996, Stanley and Hardie, 1999). 
3.1.2 Effect of temperature, salinity, and pH on calcium carbonate precipitation 
Temperature has strong effect on Mg/Ca in foraminiferal shells. In the study of 
Lea et al. (1999) Mg/Ca increased exponentially by about 8 to 10% with temperature 
increasing from 16 to 27oC, which was later supported by the results of the study of 
Nurnberg et al. (1999), where a positive linear relationship between Mg/Ca ratio in 
foraminiferal calcite and temperature was experimentally derived yielding Mg/Ca 
increase from 1.39 to 3.28 while temperature increased from 19.5 to 29.5oC. Mucci and 
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Morse (1983) experimentally obtained an almost linear positive relationship between 
seawater temperature and Mg/Ca in calcite. In the experiments of Mucci and Morse 
(1983) Mg/Ca in laboratory inorganically grown calcite crystals were 5.8±0.6, 8.1±1, and 
12.3±0.6 at temperatures of 5, 25, and 40oC respectively. Comparison of these results 
with naturally precipitated marine calcites yields that temperature alone may not 
adequately account for the Mg/Ca variability.  
Temperature as well as the ratios of foreign cations to Ca (e.g. Sr/Ca and Mg/Ca), 
pH and salinity (Wasylenki, 2005) control not only the morphology of precipitates but 
affect the nucleation and growth behavior of calcium carbonate minerals. In the work of 
Morse et al. (1997) it was experimentally shown that the critical seawater Mg/Ca at 
which carbonate precipitates change between calcite and aragonite phases is a function of 
temperature. For example, if at a temperature of 25oC seawater Mg/Ca is less than 
0.25±0.1 mol/mol, then calcite would most likely precipitate.  
Seawater salinity and pH affect Mg/Ca in foraminiferal calcite at a lesser degree 
than temperature, as Mg/Ca increases at 4% per salinity unit increase unit and decreases 
at 6% per 0.1 pH unit increase (Lea et al., 1999). In the study of Nurnberg et al. (1999) 
Mg/Ca ratio was observed to be significantly controlled by pronounced salinity variation 
from 26 to 44‰. In the study of Nurnberg et al. (1999) calcite from foraminiferal 
chambers was greatly depleted in Mg at very low salinity values - 26‰, and enriched in 
Mg at 44‰. Hence, seawater salinity effect on Mg/Ca in foraminiferal calcite in natural 
environment might be suppressed by greater temperature influence. 
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3.1.3 Incorporation of Mg2+ into calcite crystal lattice 
The Mg partition coefficient (KMg) is expressed as a ratio of Mg/Ca in calcite to 
Mg/Ca in fluid: 
 𝐾𝑀𝑔 = 𝑀𝑔/𝐶𝑎𝑐𝑎𝑙𝑐𝑖𝑡𝑒
𝑀𝑔/𝐶𝑎𝑓𝑙𝑢𝑖𝑑
 (3.1) 
The significance of Mg2+ incorporation lies in its abundance in natural seawater 
(Demicco et al., 1945) and suitable for substitution for Ca2+ (ri=0.10 nm) in calcite due to 
smaller ionic radii of Mg2+ (ri=0.072 nm) and similar coordination number (6) (Shannon, 
1976, Branson et al., 2014). The presence of Mg in calcite affects the mineral growth 
rate; it has been shown that calcite growth rates generally decrease with increasing 
amount of Mg in fluid (Reddy and Wang, 1980, Fernandez-Diaz et al., 1996; Cheng et 
al., 2007, Astilleros, 2010, Reddy, 2012). The mechanism of Mg2+ incorporation, 
however, is very complicated and still not completely understood. Although the first layer 
grows normally, each successive layer of Mg incorporated into calcite lattice behaves 
differently, increasing the free energy of a crystal surface (Astilleros, 2010), thereby 
increasing the solubility of advancing layers and extending an inhibition effect.  
Mg partition coefficient varies within the same foraminifera species inhabiting 
similar environments (Urey et al., 1951, Lea et al., 1999, Kisakürek et al., 2008). KMg 
may also vary throughout the life of an organism due to depth/temperature migration 
(Nurnberg, 1995; Elderfield and Ganssen, 2000; Benway et al., 2003) and biologically 
induced ‘vital effects’ (Stephenson et al., 2008) (e.g. secretion of a secondary crust of 
calcite during gametogenesis). The process of Mg incorporation into foraminiferal calcite 
has been a matter of great interest for paleoenvironmental sciences. Several research 
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groups showed that different (e.g.benthic and planktonic) species exhibit fine interbedded 
high and low Mg bands of up to 500 nm thick (Figure 3.2 and Figure 3.3). 
 
Figure 3.2 An example of Mg/Ca values map in Neogloboquadrina incompta chamber 
wall section  
Foraminifera chamber Mg/Ca measured by electron microprobe. SEM image (top left 




Figure 3.3 Mg banding in foraminifera 
A – Scanning transmission X-ray Microscope (STXM), B – Mg-specific X-ray 
absorbtion, C – thin section, D – magnified STXM section (from Branson et al., 2014) 
It’s been first suggested that intra-test differences in Mg concentration could be a 
product of various Mg coordination; Mg could have either be hosted in a single phase or 
a multi-phase host system. Erez (2003) and Kunioka et al. (2006) provided evidences of 
elevated Mg concentrations coinciding with higher concentrations of other trace 
elements, such as S and Na, and organic molecules, which implies that Mg could possibly 
be incorporated into calcite lattice in association with trace elements and organic 
molecules instead of direct substitution for Ca in a single coordination. However, in the 
study of Branson et al. (2014) it was shown that the coordination of Mg in foraminifera is 
uniform across the banding in intra- and different genes inter-test analyses. 
In the experiments of Finch and Allison (2007) conducted under constant 
mechanism of crystal growth Mg appeared to substitute Ca by a uniform mechanism, 
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which denied the hypothesis that these Mg enriched bands might have been caused by 
variations in the mechanism of crystal growth during the process of calcification. 
Consecutively, Mg/Ca in foraminiferal calcite is dependent on the physical and chemical 
calcification environment (Branson et a., 2014) such as change in temperature due to 
species migration within the water column, diurnal changes in calcification chemistry 
(pH and [CO32-], and coprecipitation of both low- and high-Mg calcite through different 
calcification pathways (Erez, 2003, Sadekov et al., 2005). Another possible explanation, 
which potentially complicates paleotemperature reconstructions based on Mg/Ca record 
of foraminifera, is that foraminifera may actually be able to control Mg2+, Ca2+, and CO32- 
in order to change the degree of calcite supersaturation in the calcifying fluid, and, as a 
result, can ‘switch’ shell calcification on and off by pumping out or complexing Mg 
within the calcification fluid (Sadekov et al., 2005). 
Mg partition coefficient in foraminiferal calcite is significantly lower than in 
inorganically precipitated calcites assuming that shells grow directly from seawater (Lea 
et al., 1999, 2000, Nürnberg et al., 2000, Elderfield et al., 2006; Bohaty et al., 2012). To 
address this issue in this work we adjusted the Mg/Ca ratios of the growth media to 
precipitate calcite with Mg/Ca similar to those observed in foraminifera shells. According 
to Elderfield et al. (2006) Mg/Ca in Cibicidoides, M. barleanum and O. umbonatus 
foraminifera varies from 1.0 to 3.5 mmol/mol. In the study of Lea et al. (1999) Mg/Ca 
ratio in cultured G.bulloides varies from 2.7 to 7.1 mmol/mol. 
The dependence of KMg on Mg/Cafluid has been extensively studied within the 
range of Mg/Cafl from 0.5 to 20 mol/mol (Mucci and Morse, 1983, Mavromatis et al., 
2013). Mucci and Morse showed that KMg exponentially decreases with an increase in 
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Mg/Cafl (Mg/Ca≤7.5 mol/mol) and continues to slowly decrease to up to Mg/Ca of 20 
mol/mol. The authors explained the amount of Mg2+ incorporated into calcite influenced 
by the surface exchange of Ca2+ and Mg2+ with artificial seawater solution which occurs 
on surface interface.  
Similar dependency was obtained by Mavromatis et al. (2013); in their 
experiments KMg decreased from 0.03 to 0.91 when Mg/Cafl increased from 0.5 to 1.37 
mol/mol. An increase in Mg partition was also explained by the surface entrapment 
model earlier described in the study of Watson (1996) due to the increasing growth rate. 
The results of Gabitov et al. (2014), however, yielded a reversed relationship between 
KMg and calcite growth rates, where KMg decreased with increasing rates of growth, 
which indicated a depletion of Mg in the near-surface layer of calcite relatively to the 
entire crystal lattice. In order to explain Mg/Ca variability in individual foraminifera 
shells experiments were conducted to produce calcite with Mg/Ca similar to foraminifera. 
3.2 Experimental methods and analytical techniques 
3.2.1 Experimental design 
Multiple experiments were conducted in order to establish experimental set up 
that would suit our aims, e.g. to keep temperature and fluid Mg/Ca near constant during 
individual experiments. Effort was taken to achieve sufficient amount of precipitate and 
to maximize crystal size by adjusting stirring and pumping rates (see further text for 
details). 
The growing media were prepared by dissolution of calcium chloride 
CaCl2∙2H2O, magnesium chloride MgCl2∙6H2O, and ammonium chloride NH4Cl in 
ultrapure milli-Q water RO H2O. The Mg and Ca concentrations of the growing solutions 
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(Table 3.1 and Table 3.2) were adjusted in a way that Mg/Ca of calcite precipitated 
during the experiment would be close to the actual Mg/Ca of planktonic foraminifera 
calcite (Lea et al., 1999, Elderfield et al., 2006). 
Two different techniques were used to precipitate CaCO3. Both techniques 
employ the CO2 flux necessary for the formation of calcium carbonate. Calcium 
carbonate precipitated in closed (method-1) and continuously replenished (method-2) 
reservoirs. To provide constant inlet of CO2, a piece of ammonium carbonate 
[(NH4)2CO3] was placed into an outer plastic container, which holds a smaller inner 
container filled with growth media (in both techniques). Presence of (NH4)2CO3 induces 
a reaction of CO2 with H2O that forms carbonic acid which dissociate into HCO3- and 
CO32- ions that eventually react with Ca2+ ions and precipitate as CaCO3: 
 (NH4)2CO3  2NH3 + H2O + CO2  (3.2) 
 CO2 + H2O  H2CO3 (3.3) 
 H2CO3  HCO3- + H+  (3.4) 
 HCO3-  CO32- + H+  (3.5) 
 Ca2+ + CO32-  CaCO3 (3.6) 
3.2.1.1 Precipitation method – 1: Closed system reservoir 
A one liter plastic container with fluid and a piece of (NH4)2CO3 was held in a 
closed bigger container (Figure 3.4). A lid of the inner plastic box had a hole of 5 mm in 
diameter to let CO2 react with the inner solution. Based on our earlier experiments, a lid 
with a hole of a 5 mm in diameter is sufficient to allow the necessary amount of CO2 to 
interact with the growing solution and to control the growth rate and the size of calcite 
crystals. The temperature of the fluid was maintained at 22.5±0.5oC by storing containers 
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in a temperature controlled chamber (experiments S-1, S-2, S-4) or on a heating plate 
(experiment S-3) throughout the experiment. Fluids were sub-sampled through a soft 1.75 
mm capillary pipe inserted into fluid with syringe. After sampling, a filter tip was 
attached to the syringe and fluid was filtered out into a 5 ml nalgene bottle and placed in 
a freezer for storage prior to chemical analyses. Each sampling included additional 
collection of extra 10 ml of fluid for ToC and pH measurements. 
A series of experiments were conducted with variable temperature, stirring and 
CO2 inlet techniques, however not all of these experiments resulted in the desired 
outcome. Four experiments out of 9 were successful (by successful we mean those 
experiments, which resulted in a sufficient amount of precipitated crystals (mg) and in 
single crystal of sufficient size (bigger than 10 µm)). Those experiments that failed, in 
our opinion, had major flaws in the CO2 influx mechanism and ended up not producing 
any carbonate material. A list of all successful experiments conducted using this 




Figure 3.4 Precipitation method - 1 
Closed System Reservoir 
3.2.1.2 Precipitation method -2: Continuously replenished reservoir 
The second precipitation technique involved the use of a peristaltic pump to 
continuously add solution (the same as growth media) into the inner container to maintain 
near constant fluid Mg/Ca (Figure 3.5 and 3.6). A closed plastic container with a piece of 
(NH4)2CO3 and an inner 1L container with fluid was placed into a temperature controlled 
chamber where temperature was kept near constant 21±1.4°C. The role of the peristaltic 
pump is to pump in fluid from the storage container with the initial solution going 
through the inner growing container and pump out the same amount of fluid at the rate of 
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86.4 – 446.4 ml/day (depending on the experiment, Table 3.2). The inner diameter of 
pipes used was 1.75 mm. 
Sampling technique followed the steps for solution sampling described above for 
precipitation method - 1. 
 
Figure 3.5 Precipitation method – 2 
Schematic representation of the Continuously Replenished Reservoir experimental design 
At the end of each experiment, the solution was filtered through a fine 0.22 µm 
cellulose membrane, and crystals were carefully removed (Figure 3.7). All collected 
precipitates were rinsed with deionized water, dried and weighed (Figure 3.8). Samples 
of the initial, intermediate and final solutions were saved for future analyses and kept 
frozen to prevent evaporation. Average sizes of individual crystals were estimated 




Figure 3.6 Experimental design of precipitation method – 2 
Continuously Replenished Reservoir 
Out of four experiments conducted using this technique one has failed due to the 
clogging in the pipes which presumably was caused by incompatible pipe size (0.25 mm) 
and pumping rate (3.5 RPM or 86.4 ml per day). Successful experiments with detailed 




Table 3.1 Description of all successful experiments conducted using precipitation 
method - 1 
Exp  date 
Mg/Ca, 
mol/mol 






S-1 10.10.2014 0.01 No 6.84 22.0 0.3134 30 
 10.10.2014   9.25 22,.44   
 10.10.2014   9.2 22.0   
 10.10.2014   9.22 22.2   
 10.10.2014   - 22.1   
 10.10.2014   9.24 22.2   
 10.10.2014   9.16 22.5   
 10.11.2014   8.7 22.8   
 10.11.2014   8.7 22.6   
 10.11.2014   8.72 22.9   
 10.12.2014   8.63 23.2   
  10.12.2014     8.65 23     
S-2 11.07.2014 0.1 Yes 6.43 22.3 0.6748 ≤50 
  11.10.2014     8.39 22.7     
S-3 11.21.2014 0.1 No 6,41 19.7 1.2174 
200-
300  
 11.25.2014   8,36 19.5   
    8.4 19.6   
    8.38 19.3   
    8.35 19.3   
 11.26.2014   8,34 20.0   
    8.35 19.8   
        8,32 20.1     
S-4 11.11.2014 0.1 No 6.33 22.3 0.5537 ≤50 
 11.15.14   8.3 22.0   
    8.27 21.9   
 11.16.14   - 21.9   
 11.17.14   8.25 22.6   





Table 3.2 Description of all successful experiments conducted using precipitation 













SF-1 4.06.2015 0.01 86.4 6.72 21 1.011 ≤50 
 4.08.2015   8.87 19.6   
 4.09.2015   9.21 19.8   
 4.10.2015   9.01 20.2   
 4.13.2015   8.88 20.1   
 4.14.2015   8.97 20.1   
SF-3 4.21.2015 0.01 446.4 6.74 19.9 0.516 ≤50 
 4.21.2015   7 20.0   
 4.21.2015   8.38 20.0   
 4.22.2015   8.48 20.3   
 4.22.2015   8.55 20.1   
 4.23.2015   9.15 20.1   
 4.23.2015   9.06 20.4   
SF-4 5.20.2015 0.01 360 6.74 22.1 0.6029 ≤50 
 5.20.2015   8.79 21.9   
 5.20.2015   8.92 22   
 5.20.2015   8.92 22   
 5.21.2015   8.88 22.4   
 5.21.2015   8.7 22   




Figure 3.7 Filtration of the final solution 
 
 




Figure 3.9 Optical microscope photograph of calcium carbonate crystals 
 
3.2.2 Analytical techniques 
To measure concentrations of Ca and Mg ions, calculate Mg/Ca ratios and Mg 
partition coefficient and confirm mineralogy of the precipitates, we used several different 
methods of analysis. 
 X-ray diffraction method was used for mineralogical analysis  
 Atomic absorption spectrometry (AAS) was used for quantitative 
determination of Mg and Ca concentrations in fluid and solid samples 
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 Inductively Coupled Optical Emission Spectrometry (ICP-OES) was used 
to measure concentration of Mg and Ca in fluid and solid samples  
 
3.2.2.1 Sample preparation 
X-ray diffraction method normally requires a thorough sample preparation 
procedure - it’s necessary to obtain very fine powder (48-600µ (Shahwan et al., 2005)) in 
order to homogenize the material to allow the x-rays refract from all possible directions. 
Our samples consisted of calcium carbonate crystals small enough (50-200 µm) to skip 
the powder milling stage.  
The preparation technique of solid samples for ICP-OES included cleaning 
carbonate material with 15% H2O2 to preclude organic material production, then rinsing 
with RO H2O to remove excessive H2O2, and eventually rinsing with methanol to 
enhance drying and remove excessive capillary water. Following the cleaning stage solid 
samples were dried under 40oC in the oven overnight. Fluid samples did not undergo any 
specific preparation for ICP-OES at the Department of Geosciences and were diluted at 
Godwin Laboratory.  
For Atomic Absorption analysis, fluid samples taken during each experiment 
were diluted with regard to prepared standard solutions by diluting with 2% trace metal 
grade HNO3. CaCO3 solid samples were dissolved in two aliquots of HNO3 in order to 
obtain Ca and Mg concentrations close to those in fluids. Prior to measuring samples, an 
AA machine was calibrated using standard solutions prepared for Ca and Mg separately 
from original Ca and Mg standards (AA, 1000±1 ppm) by dilution of it with 2% trace 
metal grade HNO3. Five standards of 0.5, 1, 2, 4, 8, and 16 ppm were prepared for Ca, 




Figure 3.10 Atomic Absorption Spectrometry calibration curves for Ca and Mg 
A) Ca, B) Mg 
3.2.2.2 X-Ray Diffraction 
X-ray diffraction is a technique that allows recognizing crystalline structures and 
atomic spacing characteristic for each known mineral. X-rays are generated by a cathode 
tube and fired towards the powdered sample. It’s important to use powdered samples to 
attain random orientation of the material in order to obtain diffraction from all directions. 
Incident X-rays refract from the grain surfaces and are then being detected, processed, 
counted and converted to d-spacings. Every mineral has its own d-spacing pattern, and, 
after refracted X-rays are converted to d-spacings, a pattern is compared to the standard 
reference material.  
We used an X-ray diffractometer Rigaku Ultima III X-ray Diffraction System 
(Figure 3.11) housed at the Institute for Imaging and Analythical Technologies (I2AT) at 
Mississippi State University to evaluate the mineralogy of precipitated material in 
samples FS-1 and S-3. Characteristic sample intensity patterns were obtained using CuKα 
radiation with a wavelength of 1.54059 Å. Measuring 2 theta angle (2ϴ) range was set 
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from 20 to 40 degrees. Effective scanning speed was set for 0.5 degrees per minute. XRD 
parameters were advised by the I2AT stuff members.  
 
Figure 3.11 X-ray diffractometer Rigaku Ultima III X-ray Diffraction System  
 
Samples SF-2 and SF-4 were measured at the Institute of Solid State Physics at 
Russian Academy of Sciences on Siemens D-500 with Cu K-α1 radiation and PSD 
detector. The theta angle range was set from 10 to 90 degrees. Effective Scan speed was 
set for 0.8 degrees per minute. XRD parameters were chosen on the advice of the 
Institute of Solid State Physics staff members. 
3.2.2.3 Inductively Coupled Plasma Optical Emission Spectrometry 
Inductively Coupled Plasma Optical Emission Spectrometry analysis is based on 
the fact that every element in the periodic table has its distinct emission wavelength. 
Samples are introduced in a liquid form by being sprayed into the core of inductively 
coupled argon plasma and atomized under high temperature. The emission spectra from 
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each element is separated and detected by an optical emission spectrometer as intensities 
and then converted to elemental concentrations by comparison with standard reference 
material. 
Fluid and CaCO3 solid samples from four experiments were analyzed with 
Algilent 5100 ICP-OES system at the Godwin Laboratory for Palaeoclimate Research, 
Department of Earth Sciences, University Of Cambridge, UK. Analytical uncertainty of 
this method was reported as standard error of the mean (1s.e.≤5%) which was determined 
from the reproducibility of standard measurements. 
3.2.2.4 Atomic Absorption Spectroscopy 
Atomic absorption measurements are based on how much energy atoms of each 
element can absorb. A detector measures the difference between the original wavelength 
of light being passed through the sample and the wavelength of the light transmitted by 
the sample. The changes are then being processed and appear as peaks of energy 
absorption at certain wavelengths. 
Concentrations of Mg and Ca in fluid and solid CaCO3 samples were measured on 
a Shimadzu AA-7000 Line-Source atomic absorption spectrometer housed in the Hand 
Lab, Department of Chemistry, Mississippi State University (Figure 3.12). Ca and Mg 
concentrations were detected using two different hollow-cathode lamps, 10 mA and 4mA 
for Ca and Mg respectively. The wavelength for Ca was set as 422.7 nm, which suits the 
working range of concentrations in diluted samples from 0.01 to 3 µg/mL. Acetylene 
(C2H2) was used as fuel gas for atomizing, nitrous oxide (N2O) as support gas. The 
wavelength for Mg was set 285.2 nm for the range of concentrations from 0.03 to 1 




Figure 3.12 Atomic Absorption Spectrometer 
Housed at the Department of Chemistry, Mississippi State University 
3.2.3 AAS and ICP-OES analysis of Mg and Ca concentrations 
Samples from all successful experiments were measured using AAS method. 
Each sample was measured five times to control reproducibility and estimate relative 
standard deviation defined as: 







where ?̅? is a mean value and n is the number of observations. RSD values yielded quite 
good reproducibility of measurements varying from 0.001 to 9.139 %, however, 
concentrations of Ca in most of liquid samples fell below the detection level, and no 




Samples from only four successful experiments SF-1, SF-3, S-3 and SF-4 were 
measured using ICP-OES (Table 3.4). AAS analysis didn’t provide meaningful results 
due to instrument crush and limited amount of samples. Therefore ICP-OES data were 




































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































































To calculate Mg/Ca ratios in fluids, we used values from samples where pH 
approached near-plateau values, which were greatly elevated over initial values, which 
indicated the beginning of precipitation of CaCO3, which was also supported by visual 
observations (Figure 3.13).  
 
Figure 3.13 Changes in pH of the solutions over time 
 
Standard deviation (s) of Mg/Ca in fluid samples was calculated as: 




Standard error of the mean (ϭ) if Mg/Ca in fluids and CaCO3 samples was 
calculated as: 
 ϭ = √𝑠
𝑛
  (3.9) 
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Mg partition coefficients in experiments SF-1, SF-3 and SF-4 were calculated as a 
ratio of Mg/Ca in CaCO3 to mean Mg/Ca in fluid: 
 𝐾𝑀𝑔 = 𝑀𝑔/𝐶𝑎𝑠
𝑀𝑔/𝐶𝑎𝑓𝑙
  (3.10) 
Standard error of Mg partition coefficient (ϭ KMg) was calculated as: 






4   (3.11) 
It should be noted that experiment S-3 was conceptually different from SF-1-4 as 
it was set up as a “closed” system. Thereby Mg partition coefficients were calculated in a 












where Mgcalcite, Cacalcite, Mgfluid and Cafluid are total number of moles of Mg and Ca in 
calcite and fluid respectively. 
3.2.4 X-Ray Diffraction 
Four CaCO3 samples from experiments SF-1, SF-3, S-3 and SF-4 were measured 
using X-ray diffraction to confirm CaCO3 polymorph mineralogy. X-ray peaks obtained 
for each sample were compared to standard XRD peaks for calcite, aragonite, and vaterite 
obtained from RRUFF Project database of Raman and XRD data for minerals 
(http://rruff.info/) (Figure 3.14 and Figure 3.15) and the Institute for Imaging and 




Figure 3.14 Standard calcite XRD spectra 
Data obtained from http://rruff.info/ 
 
Figure 3.15 Standard aragonite XRD spectra 
Data obtained from http://rruff.info/ 
All four samples show distinct calcite prevalence in mineralogical composition 
(Figure 3.16-3.17). No aragonite was detected in any of CaCO3 samples. Sample S-3 
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appeared to be pure calcite, while SF-1, SF-3 and SF-3 contained certain amount of 
vaterite (Table 3.5). Interestingly, optical microscope images of CaCO3 precipitates from 
these four experiments somewhat reflect the mineralogical composition. CaCO3 crystals 
precipitated in experiment S-3 are bigger and show distinct rhombohedral shape, while 
SF-1-4 are smaller and appear more hexagonal (http://www.mindat.org/min-4161.html) 
under the optical microscope at 10x magnification (Figure 3.9). 
Table 3.5 Mineralogical composition of CaCO3 based on XRD analysis 
Experiment Calcite, % Vaterite, % 
SF-1 80.5 19.5 
SF-3 66.7 33.3 
S-3 100 - 











































































































































3.3 Discussion  
3.3.1 Mg partition coefficient 
Calculated KMg values from 4 experiments were plotted against Mg/Ca in fluid 
alongside with the data obtained from previous publications documented by other authors 
(Mucci and Morse, 1983; Mavromatis et al., 2014) (Figure 3.18). 
 
Figure 3.18 Graphical representation of KMg values observed in this study in compare 
to previously published work 
 
As it can be seen from the graph, Mg partition coefficients produced in SF-1, SF-
3, and SF-4 experiments can be interpreted as a continuation of Mg/Cafl-KMg generalized 
trend beyond the studied Mg/Cafl towards lower values (despite presence of vaterite), 
though under certain assumptions discussed below. Significant variations of KMg within 
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calculated ±1ϭ(KMg) might be explained by experimental set up and analytical procedure 
flaws as well as difference in mineralogical composition (explained below). Instead of 
observing relatively constant Mg/Ca ratios in fluid, we noticed an increase in Mg/Cafl 
towards the end of each experiment (Figure 3.19, Table 3.4: SF-1 samples 2 fl to 5 fl, SF-
3 sample 7 fl, SF-4 samples 3fl to 7 fl). We associate this phenomenon with the 
beginning of active CaCO3 precipitation, which causes great consumption of Ca and less 
significant removal of Mg from the solution, even though new portion of initial growing 
solution keeps being pumped in. However, based on pH values in experiment SF-3, 
CaCO3 nucleation clearly started earlier than concentration of Ca in fluid dropped. What 
should also be taken into account is that pumping rates in the continuous replenished 
reservoir experiments were different, e.g. in SF-1 the pump was run at 3.25 rpm (86.4 
ml/day), which was significantly slower than, for example, SF-3 – 25 rpm or 446.4 
ml/day. At a lower pumping rate solution resulted in quicker depletion of Ca, because 
such a low rate of fresh fluid influx was not sufficient to maintain relatively constant 
saturation state.  
High pumping rate experiments SF-3 and SF-4 seem more balanced with regard 
to Mg/Cafl variations, except for the extremely elevated Mg/Ca in sample 7 fl of SF-3. 
The 7 fl outlier value might have possibly been caused by minor clogging in the pipe 
system that provided in- and outflux of the solution. Even though we did not observe any 
evidence for clogging during experiment SF-3, we cannot deny its possibility, because it 




Figure 3.19 Graphical representation of Mg/Ca variations in fluid 
 
Experiment S-3 was conducted in a closed system, which means gradual depletion 
in Ca and Mg in the solution was expected during CaCO3 growth. The Mg/Ca ratio in 
experiment S-3 was 10 times higher than in SF series (0.1 vs. 0.01 mol/mol). This fact 
together with the experimental design and difference in precipitate mineralogy explains 
the off-trend location of S-3 on Mg/Cafl vs. KMg plot (Figure 3.19). 
3.3.2 Mineralogical composition of CaCO3 precipitates 
The results obtained from XRD yielded variable mineralogical composition 
among all four experiments. Physical properties of CaCO3 largely depend on the 
percentage of the phase present, thereby to adequately assess KMg in this study we 
attempted to explain how the mineralogy might have affected Mg partitioning into the 
CaCO3 crystal lattice.  
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The occurrence of all three phases of CaCO3 has been known for a long time, 
however, the reasons for it and possible effect of vaterite in particular on KMg in CaCO3 
have been poorly studied to date. Previously published experimental data yielded that the 
occurrence of the vaterite polymorph is induced by Mg/Ca ratios in fluid equal to or 
lower than 0.01 mol/mol (Niedermair et al., 2013). Taking into account that original 
Mg/Cafl in experiments SF-1, SF-3 and SF-4 was 0.01 mol/mol, the formation of vaterite 
is not surprising.  
Vaterite rarely occurs in nature, it has been found in fish otoliths and fresh water 
pearls (Soldati et al., 2008) and during early stages of precipitation as the least stable 
CaCO3 polymorph and a precursor to more stable CaCO3 polymorphs formation. 
(Kontoyannis et al., 1999, Soldati et al., 2008, Niedermair et al., 2013). In the 
experimental study of Soldati et al. (2008) incorporation of Mg into vaterite was 
significantly higher than into aragonite (concentrations of Mg in CaCO3 precipitates 1700 
vs. 75 ppm correspondingly). The results of experimental work of Niedermair et al. 
(2013) showed that distribution coefficients of Mg2+ between vaterite, calcite, aragonite 
and fluid are roughly 0.1, 0.03 and 0.001 respectively, which supports the fact that Mg 
partitioning into vaterite would be more similar to KMg in calcite, rather than aragonite.  
The limitation of Mg/Ca in the initial growing solution to 0.01 mol/mol might 
have caused formation of the metastable polymorph of CaCO3 vaterite. Impurity of 
CaCO3 precipitates in experiments SF-1, SF-3 and SF-4 might have affected Mg 
partitioning into crystal lattice because it has been shown earlier that KMg is different for 
different mineral phases of CaCO3. Therefore, if we accept observed fluid Mg/Ca 
variations and mineralogical composition variability, the results of our experiments 
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conducted under low initial Mg/Ca would supplement previously reported observations 
on Mg partition coefficient in calcium carbonates. 
3.4 Conclusions 
Obtained KMg values turned out elevated over previously reported data, which 
was expected because our initial Mg/Ca in growing solution were intentionally lowered 
to 0.01-0.1mol/mol in order to obtain Mg/Ca in CaCO3 close to such in foraminiferal 
calcite. Also increase of KMg has been reported with decreasing Mg/Ca in fluid. Observed 
KMg in our experiments changes non-linearly with regard to Mg/Ca in fluid. Such non-
linearity, in our opinion, might be explained by non-uniform mineralogical composition 
of CaCO3 precipitates, e.g. presence of vaterite to up to 33.3%. We cannot tell to what 
degree presence of vaterite influences Mg partitioning, however, based on our 
observations it certainly does. As possible continuation of this study in the future we 
would suggest to take an attempt to separate calcite and vaterite crystals from each 
experiment and quantitatively estimate how KMg depends on mineralogical heterogeneity 
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